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2.05.1 Introduction

As soils make up the upper part of the unsaturated zone, they

are subjected to fluctuations in water and chemical content by

infiltration and leaching, water uptake by plant roots, and

evaporation from the soil surface. It is the most dynamic re-

gion of the subsurface, as changes occur at increasingly smaller

time and spatial scales when moving from the groundwater

toward the soil surface. Environmental scientists are becoming

increasingly aware that soils make up a critically important

component of the earth’s biosphere, because of their food

production and ecological functions, and the soil’s important

role in controlling water quality. For example, prevention or

remediation of soil and groundwater contamination starts

with proper management of the unsaturated zone.

Water entry into the soil by infiltration is among the most

important soil hydrological processes, as it controls the par-

titioning between runoff and soil water storage. Runoff water

determines surface water quantity and quality, whereas infil-

trated water determines plant available water, evapo-

transpiration, groundwater recharge, and groundwater quality.

Also through exfiltration, infiltrated water affects water quality

in waterways and associated riparian zones. Despite its rele-

vance and our reliable physical understanding of infiltration,

we have generally many difficulties predicting infiltration at

any scale. Mostly, this is so because the infiltration rate is a

time-varying parameter of which its magnitude is largely

controlled by spatially variable soil properties, in both vertical

and horizontal directions of a hydrologic basin. Moreover,

infiltration rate and runoff are affected by vegetation cover, as

it protects the soil surface from the energy impacts of falling

raindrops or intercepting rainfall, serving as temporary water

storage. The kinetic energy of rainfall causes soil degradation,

leading to soil surface sealing and decreasing infiltration.
Historically, solutions to infiltration problems have been

presented by way of analytical solutions or empirically. Analytical

solutions provide values of infiltration rate or cumulative infil-

tration as a function of time, making simplifying assumptions of

soil depth variations of water content, before and during infil-

tration. Instead, we now often use powerful computers to con-

duct numerical simulations of unsaturated water flow to solve

for water content and water fluxes throughout the unsaturated

soil domain in a single vertical direction or in multiple spatial

dimensions, allowing complex initial and boundary conditions.

However, although the modeling of multidimensional un-

saturated water flow is extremely useful for many vadose zone

applications, it does not necessarily improve the soil surface in-

filtration rate prediction, in light of the large uncertainty of the

soil physical properties and initial and boundary conditions that

control infiltration. In contrast, empirical infiltration models

serve primarily to fit model parameters to measured infiltration,

but have limited power as a predictive tool.
2.05.2 Soil Properties and Unsaturated Water Flow

The soil consists of a complex arrangement of mostly con-

nected solid, liquid, and gaseous phases, with the spatial

distribution and geometrical arrangement of each phase, and

the partitioning of solutes between phases, controlled by

physical, chemical, and biological processes. The unsaturated

zone is bounded by the soil surface and merges with the

groundwater in the capillary fringe. Water in the unsaturated

soil matrix is held by capillary and adsorptive forces. Water is a

primary factor leading to soil formation from the weathering

of parent material such as rock or transported deposits, with

additional factors of climate, vegetation, topography, and

parent material determining soil physical properties.
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Defining the soil’s dry bulk density by rb (M L�3), soil

porosity, e (L3 L�3), is defined by

e ¼ 1� rb

rs
ð1Þ

with rs being the soil’s particle density (M L�3). Equation (1)

shows that soil porosity has lower values as bulk soil density is

increased such as by compaction.

Unsaturated water flow is largely controlled by the physical

arrangement of soil particles in relation to the water and air

phases within the soil’s pore space, as determined by pore-size

distribution and water-filled porosity or volumetric water

content, y (L3 water/L3 bulk soil). The volumetric water con-

tent y expresses the volume of water present per unit bulk soil

as

y ¼ wrb

rw
ð2Þ

where w is defined as the mass water content (M of water/M

dry soil) and we take rw¼ 1000 kg m�3. Alternatively, the soil

water content can be described by the degree of saturation S

(–) and the equivalent depth of stored water De (L), or

S ¼ y
e

and De ¼ yDsoil ð3Þ

so that y can also be defined by the equivalent depth of water

per unit depth of bulk soil, Dsoil (L). The volumetric

water content ranges between 0.0 (dry soil) and the saturated

water content, ys, which is equal to the porosity if the soil were

completely saturated. The degree of saturation varies between

0.0 (completely dry) and 1.0 (all pores completely water-

filled). When considering water flow, the porosity term is re-

placed by the saturated water content, ys, and both terms in

Equation (3) are corrected by subtracting the so-called residual

water content, yr (soil water content for which water is con-

sidered immobile), so that the effective saturation, Se, is de-

fined as

Se ¼
y� yr

ys � yr
ð4Þ

In addition to the traditional thermogravimetric method to

determine soil water content, many other measurement tech-

niques are available, including neutron thermalization, elec-

trical conductivity, dielectric, and heat pulse methods. A recent

review on soil moisture measurement methods was presented

by Robinson et al. (2008), focusing on measurement con-

straints between the many available methods across spatial

scales.

In soils, the driving force for water to flow is the gradient in

total water potential. The total potential of bulk soil water can

be written as the sum of all possible component potentials, so

that the total water potential (ct) is equal to the sum of os-

motic, matric, gravitational, and hydrostatic pressure poten-

tial. Whereas in physical chemistry the chemical potential of

water is usually defined on a molar or mass basis, soil water

potential is usually expressed with respect to a unit volume of

water, thereby attaining units of pressure (Pa); or per unit
weight of water, leading to soil water potential expressed by

the equivalent height of a column of water (L). The resulting

pressure head equivalent of the combined adsorptive and ca-

pillary forces in soils is defined as the matric pressure head, h.

When expressed relative to the reference potential of free

water, the water potential in unsaturated soils is negative (the

soil water potential is less than the water potential of water at

atmospheric pressure). Hence, the matric potential decreases

or is more negative as the soil water content decreases. In

using head units for water potential, the total water potential

(H) is defined as the sum of matric potential (h), gravitational

potential (z), hydrostatic pressure potential (p), and osmotic

potential (p). For most hydrological applications, the contri-

bution of the osmotic potential can be ignored, so that for

unsaturated water flow (p¼ 0) the total soil water potential

can be written as

H ¼ hþ z ð5Þ

The measurement of the soil water matric potential in situ is

difficult and is usually done by tensiometers in the range of

matric head values larger (less negative) than � 6.0 m.

A tensiometer consists of a porous cup, usually ceramic,

connected to a water-filled tube (Young and Sisson, 2002).

The suction forces of the unsaturated soil draw water from the

tensiometer into the soil until the water pressure inside

the cup (at pressure smaller than atmospheric pressure) is

equal to the pressure equivalent of the soil water matric po-

tential just outside the cup. The water pressure in the tensi-

ometer is usually measured by a vacuum gauge or pressure

transducer. Other devices that are used to indirectly measure

the soil water matric potential include buried porous units

(Scanlon et al., 2002), for which either the electrical resistance

or the thermal conductivity is measured in situ, after coming

into hydraulic equilibrium with the surrounding soil (h in

sensor and soil are equal). Although widely used, these types

of sensors require laboratory calibration, before field

installation.

2.05.2.1 Soil Water Retention

The soil water retention function determines the relation be-

tween the volume of water retained by the soil, expressed by y,
and the governing soil matric, or suction forces (Dane and

Hopmans, 2002). These suction forces are typically expressed

by the soil water matric head (strictly negative) or soil suction

(strictly positive). These suction forces increase as the size of

the water-filled pores decreases, as may occur by drainage,

water uptake by plant roots, or soil evaporation. Also known

as the soil water release or soil water characteristic function,

this soil hydraulic property describes the increase of y and the

size of the water-filled pores with an increase in matric po-

tential, as occurs by infiltration. Since the matric forces are

controlled by pore-size distribution, specific surface area, and

type of physico-chemical interactions at the solid–liquid

interfaces, the soil water retention curve is very soil specific

and highly nonlinear. It provides an estimate of the soil’s

capacity to hold water after irrigation and free drainage (field

capacity), minimum soil water content available to the plant

(wilting point), and root zone water availability for plants.
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The soil water retention curve exhibits hysteresis, that is, the y
value is different for wetting (infiltration) and drying

(drainage).

By way of the unique relationship between soil water ma-

tric head and the radius of curvature of the air–water interface

in the soil pores, and using the analogy between capillary

tubes and the irregular pores in porous media, a relationship

can be derived between soil water matric head (h) and effec-

tive pore radius, re, or

rgh ¼ 2s cos a
re

ð6Þ

where s and a are defined as the surface tension and wetting

angle of wetting fluid with soil particle surface (typically val-

ues for s and a are 0.072 N m�1 and 01, respectively ), r is the

density of water, and g is the acceleration due to gravity (9.8 m

s�2). Because of capillary equation, the effective pore-size

distribution can be determined from the soil water retention

curve in the region where matric forces dominate. Laboratory

and field techniques to measure the soil water retention curve,

and functional models to fit the measured soil water retention

data, such as the van Genuchten (1980) and Brooks and Corey

(1964) models, are described by Kosugi et al. (2002). Alter-

natively, knowledge of the particle size distribution may pro-

vide information on the shape of the soil water retention

curve, as presented by Nasta et al. (2009). An example of

measured and fitted soil water retention data for two different

soils is presented in Figure 1 (Tuli and Hopmans, 2004).

2.05.2.2 Unsaturated Hydraulic Conductivity

The relation between the soil’s unsaturated hydraulic con-

ductivity, K, and volumetric water content, y, is the second

essential fundamental soil hydraulic property needed to
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Figure 1 Measured (symbols) and fitted (lines) soil water retention
data. From Tuli AM and JW Hopmans (2004) Effect of degree of
saturation on transport coefficients in disturbed soils. European Journal
of Soil Science 55: 147–164.
describe unsaturated soil water flow. K is a function of the

water and soil matrix properties, and controls water infil-

tration and drainage rates, and is strongly affected by water

content and possibly by hysteresis. It is defined by the Darcy–

Buckingham equation, which relates the soil water flux density

to the total driving force for flow, with K being the pro-

portionality factor. Except for special circumstances, the total

driving force for water flow in soils is determined by the sum

of the matric and gravitational forces, expressed by the total

water potential head gradient, DH/L (L L�1), where DH de-

notes the change in total water potential head over the dis-

tance L. For vertical flow, the application of Darcy’s law yields

the magnitude of water flux from

q ¼ �KðyÞ dh

dz
þ 1

� �
ð7Þ

where q is the Darcy water flux density (L3 water L�2

soil surface T�1) and z defines the vertical position (z40,

upwards, L). A soil system is usually defined by the bulk soil,

without consideration of the size and geometry of the indi-

vidual flow channels or pores. Therefore, the hydraulic con-

ductivity (K) describes the ability of the bulk soil to transmit

water, and is expressed by volume of water flowing per unit

area of bulk soil per unit time (L T�1).

Functional models for unsaturated hydraulic conductivity

are based on pore-size distribution, pore geometry, and con-

nectivity, and require integration of soil water retention

functions to obtain analytical expressions for the unsaturated

hydraulic conductivity. The resulting expressions relate the

relative hydraulic conductivity, Kr, defined as the ratio of the

unsaturated hydraulic conductivity, K, and the saturated

hydraulic conductivity, Ks, to the effective saturation, Se, and

can be written in the following generalized form (Kosugi et al.,

2002):

KrðSeÞ ¼ Sl
e

Z Se

0

hj j �Z dSe

Z S

0

hj j �Z dSe

2
6664

3
7775

g

ð8Þ

where l and Z are parameters related to the tortuosity and

connectivity of the soil pores, and the value of the parameter g
is determined by the method of evaluating the effective pore

radii. For values of l¼ 0.5, Z¼ 1.0, and g¼ 2.0, Equation (8)

reduces to the so-called Mualem (1976) model, that is rou-

tinely combined with the van Genuchten (1980) soil water

retention model to yield a closed-form expression for the

unsaturated hydraulic conductivity function. The moisture

dependency is highly nonlinear, with a change in K of five or

more orders of magnitude across field-representative changes

in unsaturated soil water content. Methods to measure the

saturation dependency of the hydraulic conductivity are in-

volved and time consuming. A variety of methods are de-

scribed in Dane and Topp (2002) and Dirksen (2001).

Measurement errors are generally large due to (1) the difficulty

of flow measurements in the low water content range and (2)

the dominant effect of large pores (macropores), cracks, and

fissures in the high water content range. An example of the

unsaturated hydraulic conductivity for water, relative to its
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saturated values (Krw), is presented in Figure 2(a), for the same

two soils as in Figure 1. We note that ys in the vadose zone is

typically about 85% of the porosity, so that a saturated soil

(e.g., as the result of ponded infiltration) is really a satiated

soil due to entrapped air, with a saturated hydraulic con-

ductivity that is significantly smaller than the true Ks.

The unsaturated hydraulic conductivity is related to the

intrinsic soil permeability, k (L2), by

K ¼ rgk

m
ð9Þ

where m denotes the dynamic viscosity of water (F T L�2). The

usage of permeability instead of conductivity allows appli-

cation of the flow equation to liquids other than water with

different density and viscosity values. In addition to un-

saturated hydraulic conductivity, Figure 2 also includes data

for the saturation dependency of the relative air conductivity

(Kra), as might be important for water infiltration in soil, when

the soil gas phase is trapped and increasing in pressure, so that

water infiltration is partly controlled by soil air permeability

(Latifi et al., 1994).

2.05.2.3 Modeling of Unsaturated Water Flow and Transport

Numerous studies have been published addressing different

issues in the numerical modeling of unsaturated water flow

using the Richards’ equation. In short, the dynamic water flow

equation is a combination of the Darcy expression and a mass

balance formulation. Using various solution algorithms, the

soil region of interest is discretized in finite-size elements, i,

that can be one, two, or three dimensional, to solve for tem-

poral changes in h, y, or water flux, q, for each element or

voxel i at any time t.
Most multidimensional soil water flow models use a finite-

element, Picard time-iterative numerical scheme (Šimunek et

al., 2008) to solve the Richards equation. For isotropic con-

ditions and one-dimensional vertical flow, the general water

flow equation simplifies to

qy
q t
¼ q

q z
KðhÞ qh

q z
þ 1

� �� �
� Sðz; tÞ ð10Þ

where S (L3 L�3 T�1) is the sink term, accounting for root

water uptake. Boundary and initial conditions must be in-

cluded to allow for specified soil water potentials or fluxes at

all boundaries of the soil domain. Richards’ equation is a

highly nonlinear partial differential equation, and is therefore

extremely difficult to solve numerically because of the largely

nonlinear dependencies of both water content and un-

saturated hydraulic conductivity on the soil water matric head.

Both the soil water retention and unsaturated hydraulic con-

ductivity relationships must be known a priori to solve the

unsaturated water flow equation. Specifically, it will need the

slope of the soil water retention curve, or water capacity C(h),

defined as CðhÞ ¼ dy=dh.

As dissolved solutes move through the soils with the water,

various physical, chemical, and biological soil properties

control their fate. In addition to diffusion and dispersion, fate

and transport of chemicals in the subsurface are influenced by

sorption to the solid phase and biological transformations.

Both diffusion and dispersion of the transported chemical are

a function of pore-size distribution and water content.

Mechanical or hydrodynamic dispersion is the result of water

mixing within and between pores as a result of variations in

pore water velocity. Increasing dispersivity values cause greater

spreading of the chemical, thereby decreasing peak
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Figure 3 Hypothetical rainfall event, r(t), and soil infiltration capacity,
ic(t). The rainfall event starts at t¼ 0. From Hopmans JW, Assouline S, and
Parlange J-Y (2007) Soil infiltration. In: Delleur JW (ed.) The Handbook of
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concentration. Sorbed chemicals move through the vadose

zone slower than noninteracting chemicals, and the degree of

sorption will largely depend on mineral type, specific surface

area of the solid phase, and organic matter fraction. In add-

ition, biogeochemical processes and radioactive decay affect

contaminant concentration, such as by cation exchange,

mineral precipitation and dissolution, complexation, oxi-

dation–reduction reactions, and by microbial biodegradation

and transformations. However, all these mechanisms depend

on soil environmental conditions, such as temperature, pH,

water saturation, and redox status, and their soil spatial vari-

ations. The solute transport equation is generally referred to as

the convection–dispersion equation (CDE), and includes the

relevant transport mechanisms to simulate and predict tem-

poral changes in soil solute concentration within the simu-

lation domain (Šimunek et al., 2008).

2.05.2.4 Infiltration Processes

For one-dimensional infiltration, the infiltration rate (L T�1),

i(t), can be defined by Equation (7) at the soil surface (sub-

script surf), or

iðtÞ ¼ �KðyÞ qh

q z
þ 1

� �
surf

ð11aÞ

Cumulative infiltration I(t), expressed as volume of water per

unit soil surface area (L), is defined by

IðtÞ ¼
Z t

0

iðtÞdt ð11bÞ

Analytical solutions of infiltration generally assume that the

wetted soil profile is homogeneous in texture with uniform

initial water content. They also make distinction between

ponded (h40 or p) and nonponded soil surface (unsaturated,

ho0) infiltration. The infiltration capacity of the soil is de-

fined by ic(t), the maximum rate at which a soil can absorb

water for ponded soil surface conditions. Its maximal value is

at time zero, and decreases with time to its minimum value

approaching the soil’s saturated hydraulic conductivity, Ks, as

the total water potential gradient decreases, and tends to unity,

with the downward moving wetting front. As defined by

Equation (11b), the soil’s cumulative infiltration capacity, Ic(t),

is defined by the area under the capacity curve. It represents

the maximum amount of water that the soil can absorb at any

time. Typically, at the onset of infiltration (t¼ 0), the rainfall

rate, r(t), will be lower than ic(t), so that the infiltration rate is

equal to the rainfall rate (i.e., r(t)oic(t) for hsurfo0). If at any

point in time, the rainfall rate becomes larger than the infil-

tration capacity, ponding will occur (hsurf40), resulting in

runoff. The time at which ponding occurs is defined as tp (time

to ponding). Thus, the actual infiltration rate will depend on

the rainfall rate and its temporal changes. This makes pre-

diction of infiltration and runoff much more difficult for

realistic time-variable rainfall patterns.

Therefore, infiltration rate prediction is often described as a

function of the cumulative infiltration, I, or i(I), independent

of the time domain, and with i(I) curves that are independent

of rainfall rate (Skaggs, 1982). An example of such a
time-invariant approach is the IDA or infiltrability-depth ap-

proximation (Smith et al., 2002). The main IDA assumption is

that time periods between small rainfall events are sufficiently

small so that soil water redistribution and evaporation be-

tween events do not affect infiltration rate. IDA implies that

the infiltration rate at any given time depends only on the

cumulative infiltration volume, regardless of the previous

rainfall history. Following this approach, tp is defined as the

time during a storm event when I becomes equal to Ic(tp), or

R ¼
Z tp

t¼0

rðtÞdt ¼ IcðtpÞ

whereas i(t)¼ r(t) for totp. The time invariance of i(I) holds

true also when a layered/sealed soil profile is considered

(Mualem and Assouline, 1989).

For illustration purposes, we present a hypothetical storm

event with time-varying r(t) in Figure 3 (from Hopmans et al.,

2007) in combination with an assumed soil-specific infil-

tration capacity curve, ic(t). At what time will ponding occur?

It will not be at t¼ 7, when r(t) exceeds ic for the first time. In

order to approximate tp, we plot both Ic and R for the storm in

Figure 4(a), as a function of time and determine tp as the time

at which both curves intersect (tp¼ 13, for R¼ Ic¼ 110), since

at that time, the cumulative infiltration of the storm is iden-

tical to the soil’s infiltration capacity. The final corresponding

i(I) for this soil and storm event is presented in Figure 4(b),

showing that the soil infiltration rate is equal to r(t) until

I¼R(t) ¼ Ic(tp)¼ 110, after which the infiltration rate is soil-

controlled and determined by Ic(t). More accurate approxi-

mations to the time-invariant approach can be found in

Sivapalan and Milly (1989) and Brutsaert (2005), using the

time compression or time condensation approximation that

more accurately estimates infiltration prior to surface ponding.

In addition to whether the soil is ponded or not, solutions

of infiltration distinguish between cases with and without

gravity effects, as different analytical solutions apply. As

Equation (11a) shows, infiltration rate i(t) is determined by

both the soil water matric potential gradient, dh=dz, and

gravity. However, at the early stage of infiltration into a rela-

tively dry soil, infiltration rate is dominated by the matric

potential gradient so that the gravity effects on infiltration can
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be ignored. Gravity becomes important in the later stages of

infiltration, when the wetting front has moved further down.

For gravity-free drainage, a simple analytical solution can be

found, after transforming Equation (11a) into a y-based form

by defining the diffusivity DðyÞ ¼ KðyÞdh=dy, so that

iðtÞ ¼ �DðyÞ qy
q z

� �
surf

ð12Þ

Using the Boltzmann transformation for a constant head

boundary condition (Bruce and Klute, 1956), and defining the

scaling variable j ¼ z=t 1=2, combination of Equations (10)

without gravity and sink term and (12) resulted in a unique

solution of y as a function of j, from which the wetting profile

can be computed for any time t (Kirkham and Powers, 1972).

Defining y1 and y0 as the surface water content during infil-

tration and the initial uniform profile water content, respect-

ively, cumulative infiltration, I, is computed from

I ¼
Z y1

y0

z dy ¼ t 1=2

Z y1

y0

j dy ð13aÞ

and results in the simple infiltration equation I¼ St1/2, where

the sorptivity S (L T�1/2) is defined as

Sðy1Þ ¼
Z y1

y0

j dy ð13bÞ

Equation (13a) states that for gravity-free infiltration during

the early times of vertical infiltration, and at all times for
horizontal infiltration, I is a linear function of t1/2, with S

being defined as the slope of this line. Hence, for saturated soil

conditions where y1¼ ys, the infiltration capacity is computed

from ic(t)¼ 1
2St�1/2. Incidentally, this also leads to Ic¼ S2/2ic.

A relatively simple analytical solution without and with

gravity effects was suggested by Green and Ampt (1911) for a

ponded soil surface, with ysurf¼ y1. The assumptions are that

the wetting front can be approximated as a step function with

a constant effective water potential, hf, at the wetting front, a

wetting zone hydraulic conductivity of K(y1)¼K1¼Ks, and a

constant soil water profile of Dy ¼ y1 � y0. Using this so-called

delta-function assumption of a D(y) with a Dirac-delta func-

tion form, both solutions for horizontal and vertical infil-

tration can be relatively easily obtained (Jury et al., 1991;

Haverkamp et al., 2007). Assuming that K0 at the initial water

content, y0, is negligible, the Green and Ampt (GA) solution

of vertical infiltration for ponded conditions is (h¼ hsurf40):

I ¼ Ic ¼ K1t þ ðhsurf � hf ÞDy ln 1þ I

ðhsurf � hf ÞDy

� �
ð14Þ

which can be solved iteratively for I. This simple, yet physically

based, solution appears to work best for dry coarse-textured

soils. A theoretical expression for the wetting front potential

head, hf, was defined by Mein and Farrell (1974), to yield that

hf ¼
Rh0

0 KrðhÞdh; where the relative conductivity Kr¼K(h)/Ks.

The so-called S-form of the GA equation can be obtained by

comparing the gravity-free solution of GA with the Boltzmann

solution, to yield S2
0 ¼ �2K1hfDy:

S2
1ðy1Þ ¼ 2K1Dyðhsurf � hf Þ ¼ S2

0 þ 2K1hsurfDy ð15aÞ

so that

I ¼ K1t þ hsurfDyþ
S2

0

2K1
ln 1þ I

hsurfDyþ S2
0=2K1

� �
ð15bÞ

In reality, the wetting front is not a step function, but will

consist of a time-dependent transition zone where water

content changes from y1 to y0. The shape of this transition

zone will be a function of time and is controlled by soil type.

The step function assumption is better for uniform coarse-

textured soils that have a Dirac-like D(y), for which there is a

sharp decline in K with a decrease in water content near sat-

uration. The wetting front is generally much more diffuse for

finer-textured soils that have a wide pore-size distribution.

By now, it must be clear that infiltration and its temporal

changes are a function of many different soil factors. In add-

ition to rainfall intensity and duration and the soil physical

factors, such as soil water retention and hydraulic conduct-

ivity, infiltration is controlled by the initial water content,

surface sealing and crusting, soil layering, and the ionic

composition of the infiltrated water (Kutilek and Nielsen,

1994; Assouline, 2004). For example, Vandervaere et al. (1998)

applied the GA model to sealed soil profiles, by assuming that

the wetting front potential decreases suddenly as it leaves the

seal and enters the soil. This results in a discontinuous drop in

the infiltration rate. Many relatively simple infiltration equa-

tions have been proposed and are successfully used to
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characterize infiltration. This has been achieved despite that

these equations apply for homogeneous soils only, in theory.
2.05.3 Infiltration Equations

In addition to the solutions in Section 2.05.2, other physically

based analytical solutions have been presented, using different

assumptions allowing for a closed-form solution. These can

potentially be used to predict infiltration from known soil

hydraulic properties of homogeneous soils. However, in

practice, this is difficult as soil physical characteristics near the

soil surface are time dependent because of soil structural

changes and their high spatial variability. Alternatively, various

empirical infiltration models have been proposed that are very

useful for describing measured infiltration data. A parameter

sensitivity analysis of many of the presented infiltration

models, analyzing the effects of measurement error, was given

by Clausnitzer et al. (1998). This section presents the most

frequently used infiltration models in both categories.

2.05.3.1 Philip Infiltration Equation

Philip (1957a) presented an analytical infinite-series solution

to the water-content-based form of Richards’ equation for the

case of vertical infiltration:

qy
q t
¼ q

q z
DðyÞqy

q z
þ KðyÞ

� �
ð16Þ

For the boundary condition of hsurf¼ 0 and y1 ¼ ys, the Philip

(1957a) solution converged to the true solution for small and

intermediate times, but failed for large times. In this case, an

alternative solution was presented (Philip, 1957b). With

additional assumptions regarding the physical nature of soil

water properties, Philip (1987) proposed joining solutions

that are applicable for all times. Philip (1957c) introduced a

truncation of the small-time series solution that is a simple

two-parameter model equation (PH model):

Ic ¼ At þ St1=2 ð17aÞ

which should be accurate for all but very large t, and suitable

for applied hydrological studies. The sorptivity S depends on

several soil physical properties, including initial water content

y0, and the hydraulic conductivity and soil water retention

functions. S is equal to the expression defined in Equation

(13b). Philip (1969) showed that A may take values between

0.38Ks and 0.66Ks. The physical interpretation of A is not

straightforward; however, for long times when gravity is

dominant and hsurf¼ 0, one would expect A to be equal to Ks.

Differentiation of Equation (17a) yields the infiltration

rate, or

ic ¼ 1=2St�0:5 þ A ð17bÞ

Using (17b) to express t as a function of ic and substituting in

Equation (17a) yields I(i), or

I ¼ S2ði� A=2Þ
2ði� AÞ2

ð17cÞ
For positive pressure heads (hsurf), the correction of Equation

(15a) to S can be applied. In many cases, values of S and A are

obtained from curve fitting. We note that for gravity-free flow,

the pH solution without the gravity term corresponds with the

Boltzmann solution for horizontal flow in Equation (13).

2.05.3.2 Parlange et al. Model

Parlange et al. (1982) proposed the following universal model

(Parlange et al., model, PA model):

t ¼ S2

2K2
1ð1� dÞ

2K1

S2
I� ln

exp
2dK1I

S2

� �
þ d� 1

d

2
664

3
775 ð18aÞ

assuming that K0 is small so that the DK in Parlange et al.

(1982) is equal to K1. The value of the parameter d can be

chosen to approach various closed-form solutions. For ex-

ample, Equation (18a) reduces to the GA solution for d equal

to zero. Its value is a function of K(y), and is defined by

(Parlange et al., 1985):

d ¼ 1

ys � y0

Z ys

y0

Ks � KðyÞ
Ks

dy ð18bÞ

An approximate value of d¼ 0.85 was suggested by Parlange

et al. (1982) for a range of soil types. After taking the time

derivative of I, the following i(I)-relationship can be derived

(Espinoza, 1999):

i ¼ K1 þ dK1 1� exp
2IdK1

S2

� �� ��1

ð18cÞ

Because Equation (18) is based on integration of the water-

content-based form of Richards’ equation, its theoretical scope

is limited to nonponded conditions. A generalization of

Equation (18) to include ponded conditions without affecting

the value of S was introduced by Parlange et al. (1985).

Haverkamp et al. (1990) presented a modification of their

model to include upward water flow by capillary rise. The

resulting infiltration model contained six physical parameters,

in addition to the interpolation parameter d (Haverkamp

et al., 1990). Both the PA and the Haverkamp et al. (1990)

model require an iterative procedure to predict I(t). Barry et al.

(1995) presented an explicit approximation to the Haverkamp

et al. (1990) model, retaining all six physical parameters (BA

model):

I ¼K1t þ S2 þ 2K1hsurfDy
2DK

� t � þ 1� g� exp
�6ð2t �Þ0:5

6þ ð2t �Þ0:5
� 2t �

3

� ��

þ g
1þ t �

exp � 2t �

3

� �
½1� ð1� gÞ8t�2:5�

�

þð2gþ t �Þln 1þ t �

g

� ���
ð19aÞ
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where

t � ¼ 2tðDKÞ2

S2 þ 2K1hsurfDy
; g ¼ 2K1ðhsurf þ haÞDy

S2 þ 2K1hsurfDy
ð19bÞ

and ha denotes the absolute value of the soil water pressure

head at which the air phase becomes discontinuous upon

wetting. By defining

B1 ¼ ðhsurf þ haÞDy and B2 ¼
2

S2 þ 2K1hsurfDy
ð19cÞ

Equation (19a) can be expressed by only four fitting par-

ameters K0, K1, B1, and B2. The Clausnitzer et al. (1998) study

concluded that both the PA and BA models described infil-

tration equally well; however, the BA model, while most ad-

vanced, was not as well suited to serve as a fitting model due to

nonuniqueness problems caused by the larger number of fit-

ting parameters.

2.05.3.3 Swartzendruber Model

Swartzendruber (1987) proposed an alternative series solution

that is applicable and exact for all infiltration times, and also

allows for surface ponding. Its starting point is similar to the

GA approach; however, its derivation does not require a step

function for the wetted soil profile. Its simplified form is a

three-parameter infiltration equation (SW model):

I ¼ K1t þ S

A0
1� expð�A0t1=2Þ
� 	

ð20Þ

where A0 is a fitting parameter of which its value depends on

the surface water content, y1. As A0-0, it reduces to a form of

the Philip (1957b) model with K1 as the coefficient of the

linear term, and for which dI/dt approaches K1 as t-N. As for

the GA model, the S-term can be corrected using Equation

(15a) to account for ponded conditions.

2.05.3.4 Empirical Infiltration Equations

For most of these types of infiltration equations, the fitting

parameters do not have a physical meaning and are evaluated

by fitting to experimental data only. However, in many cases,

the specific form of the infiltration equation is physically in-

tuitive. For example, the empirical infiltration equation by

Horton (1940) is one the most widely used empirical infil-

tration equations. It considers infiltration as a natural ex-

haustion process, during which infiltration rate decreases

exponentially with time from a finite initial value,

ic|t¼ 0¼ (a1þ a2), to a final value, a1¼K1. Accordingly, cu-

mulative infiltration I (L) is predicted as a function of time t

(HO model):

I ¼ a1t þ a2

a3
½1� expð�a3tÞ� ð21Þ

with the soil parameter a340, representing the decay of in-

filtration rate with time. In Equation (21), a1 can be associated

with the hydraulic conductivity (LT�1) of the wetted soil

portion, K1, for t-N.
Another simple empirical infiltration equation is the Kos-

tiakov (1932) model (KO):

i ¼ at�b ð22Þ

Clearly, this equation will not fit infiltration data at long times,

as it predicts zero infiltration rate as t-N. The value of a

should be equal to the infiltration rate at t¼ 1, and 0obo1.

Mezencev (1948) proposed another infiltration model,

and modified the KO model by including a linear term with a

coefficient b1, so that b1-K1 for t-N provided 0ob3o1 and

b240 (ME model):

I ¼ b1t þ b2

1� b3
tð1� b3Þ ð23Þ

Other models include the Soil Conservation Service (1972)

method and the Holtan solution (Kutilek and Nielsen, 1994;

Espinoza, 1999).
2.05.4 Measurements

2.05.4.1 Infiltration

Infiltration measurements can serve various purposes. In

addition to characterizing infiltration, for example, to com-

pare infiltration between different soil types, or to quantify

macropore flow, it is often measured to estimate the relevant

soil hydraulic parameters from the fitting of the infiltration

data to a specific physically based infiltration model. This is

generally known as inverse modeling. Infiltration is generally

measured using one of three different methods: a sprinkler

method, a ring infiltration method, or a permeameter method.

The sprinkler method is mostly applied to determine time of

ponding for different water application rates, whereas the ring

infiltrometer method is used when the infiltration capacity is

needed. The permeameter method provides a way to measure

infiltration across a small range of h-values p0. A general

review of all three methods was recently presented by Smettem

and Smith (Smith et al., 2002), whereas a comparison of

different infiltration devices using seven criteria was presented

by Clothier (2001).

Rainfall sprinklers or rainfall simulators are also sprinkler

infiltrometers, but they are typically used to study runoff and

soil erosion (e.g., Morin et al., 1967). They mimic the rainfall

characteristics (e.g., kinetic energy) of natural storms, specif-

ically the rainfall rate, rainfall droplet size distribution, and

drop velocity. Most of these devices measure infiltration by

subtracting runoff from applied water. Using a range of water

application rates, infiltration measurements can be used to

determine the i(I) curve for a specific soil type, with specific

soil hydraulic properties such as Ks or S. Various design par-

ameters for many developed rainfall simulators, specifically

nozzle systems, were presented by Peterson and Bubenzer

(1986). A portable and inexpensive simulator for infiltration

measurements along hillslopes was developed by Battany and

Grismer (2000). This low-pressure system used a hypodermic

syringe needle system to form uniform droplets at rainfall

intensities ranging from 20 to 90 mm h�1.
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Ring infiltrometers have historically been used to charac-

terize soil infiltration by determining the infiltration capacity,

ic. A ring is carefully inserted in the soil so that water can be

ponded over a known area. Since a constant head is required,

a constant water level is maintained either by manually adding

water and using a measuring stick to maintain a constant

depth of ponded water, by using a Mariotte system, or by a

valve connected to a float that closes at a predetermined water

level. Measurements are usually continued until the infil-

tration rate is essentially constant. Water seepage around the

infiltrometer is prevented by compaction of the soil around

and outside of the infiltrometer. Multidimensional water flow

under the ring is minimized by pushing the ring deeper into

the soil, or by including an outer buffer ring. In the latter case,

the soil between the two concentric rings is ponded at the

same depth as the inner ring, to minimize lateral flow directed

radially outward. The deviation from the assumed one-di-

mensionality depends on ring insertion depth, ring diameter,

measurement time and soil properties such as its hydraulic

conductivity, and the presence of restricting soil layers. A

sensitivity analysis on diverging flow of infiltrometers was

presented by Bouwer (1986) and Wu et al. (1997).

Permeameters are generally smaller than infiltrometers and

allow easy control of the soil water pressure head at the soil

surface. Generally, multidimensionality of flow must be taken

into account, using Wooding’s (1968) equation for steady

flow (QN, L3 T�1) from a shallow, circular surface pond of free

water, or

QN ¼ Ks pr2
0 þ

4r0

a

� �
ð24aÞ

The first and second terms in parentheses denote the gravi-

tational and capillary components of infiltration and a de-

notes the parameter in Gardner’s (1958) unsaturated

hydraulic conductivity function:

KðhÞ ¼ Ks expðahÞ ð24bÞ

In this model of the so-called Gardner soil, the macroscopic

capillary length, lc, is equivalent to 1/a. The basic analysis for

most permeameter methods relies on Wooding’s solution. An

extensive review of the use of permeameters was presented by

Clothier (2001), including the tension infiltrometers and disk

permeameters, by which the soil water pressure at water entry

is controlled by a bubble tower. Their use is relatively simple,

and based on analytical solutions of steady-state water flow.

The permeameter method is economical in water use and

portable. The soil hydraulic properties (S and K), in an inverse

way, can be inferred from measurements using (1) both short-

and long-time observations, (2) disks with various radii, or

(3) using multiple water pressure heads. Transient solutions of

infiltration may be preferable, as it allows analysis of shorter

infiltration times, so that the method is faster and likely will

better satisfy the homogeneous soil assumption. Differences

between one- and three-dimensional solutions for transient

infiltration were analyzed by Haverkamp et al. (1994), Van-

dervaere et al. (2000), and Smith et al. (2002) from multi-

dimensional numerical modeling analysis. These effects were

reported to be small if gravity effects were included.
Nowadays, permeameters are most often applied to estimate

the soil’s hydraulic characteristics in an inverse way, by fitting

infiltration data to analytical solutions. In many cases, aux-

iliary water content or matric potential data are required to

yield unique solutions.

2.05.4.2 Unsaturated Water Flow

Whereas infiltration measures are typically conducted along

the soil surface only, measurement of unsaturated water flow

requires installation of instruments and sensors below

ground, thereby largely complicating measurement pro-

cedures and analysis. The simplest expression for unsaturated

water flow estimation is the Darcy equation (7), but still re-

quires the measurement of soil water content (y) or soil water

matric potential (h) at various soil depths, and knowledge of

the unsaturated hydraulic function, K(y), as expressed by

Equation (8). Installation of soil moisture or potential sensors

requires extreme care, because of issues of soil disturbance,

inadequate soil sensor contact, and inherent soil hetero-

geneities. In addition, it is not always straightforward to de-

termine installation depth of sensors, as it will depend on a

priori knowledge of soil horizon differentiation. Inherently

problematic is the fact that no soil water flux meters are

available to accurately measure the unsaturated soil water flux

q in Equation (7). A review by Gee et al. (2003) provides

possible direct and indirect methods, but none of them are

adequate because of problems with divergence of water flow

near the flux measurement device. Recently, the heat pulse

probe was developed (Kamai et al., 2008) for indirect meas-

urement of soil water flux, but is limited to fluxes of 6 mm d�1

or higher. Finally, very few routine measurements are available

to determine the K(y) relationship. In fact, the lack of the

unsaturated conductivity information is the most limiting

factor of in situ application of the Darcy equation. Most

promising is the application of inverse modeling for par-

ameter estimation of the soil hydraulic functions, using both

laboratory and field techniques (Hopmans et al., 2002b),

which can be used in conjunction with in situ water content

and soil water potential measurements to estimate temporal

changes in depth distribution of soil water flux.

Selected steady-state solutions are provided in Jury et al.

(1991), but are only of limited use for real field conditions

since soil water content and matric potential values change

continuously. Most realistically, one must apply the transient

unsaturated water flow (Equation (10)) that arises from

combination of the Darcy equation with mass conservation.

However, its solution also requires a priori knowledge of the

soil water capacity, C, as determined from the slope of the soil

water retention curve, and time measurements of y and h, at

the various soil horizon interfaces and at the boundaries of the

soil domain of interest, including at the soil profile bottom.

Although certainly possible, relatively few of such field ex-

periments are conducted routinely because they are time

consuming and wrought with complications. However, in

combination with inverse modeling, such field experiments

can provide a wealth of information, including plant root

water uptake dynamics, plant transpiration, and drainage rates

(Vrugt et al., 2001). Therefore, large lysimeters with selected
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water content and soil water potential measurements may be

very useful.
2.05.5 Scaling and Spatial Variability Considerations

Soil hydrologists need to apply locally measured soil physical

data to characterize flow and transport processes at large-scale

heterogeneous vadose zones. For example, prediction of soil

water dynamics, such as infiltration at the field scale, is usually

derived from the measurement of soil hydraulic properties

from laboratory cores, as collected from a limited number of

sampling sites across large spatial extents. Soil parameters

obtained from these small-scale measurements are sub-

sequently included in numerical models with a grid or elem-

ent size many times larger, with the numerical results

extrapolated to predict large-scale flow and transport behavior.

Because of the typical nonlinearity of soil physical properties,

their use across spatial scales is inherently problematic. Spe-

cifically, the averaging of processes determined from discrete

small-scale samples may not describe the true soil behavior

involving larger spatial structures. Moreover, the dominant

physical flow processes may vary between spatial scales.

Considering that soil physical, chemical, and biological

measurements are typically conducted for small measurement

volumes and that the natural variability of soils is enormous,

the main question asked is how small-scale measurements can

provide information about large-scale flow and transport be-

havior. In their treatise of scale issues of vadose zone model-

ing, Hopmans et al. (2002a) offer a conceptual solution,

considering the control of small-scale processes on larger-scale

flow behavior. Hence, vadose zone properties are nonunique

and scale dependent, resulting in effective properties that vary

across spatial scales and merely serve as calibration parameters

in simulation models. Therefore, their accurate prediction in

heterogeneous materials can only be accomplished using

scale-appropriate measurements, including those that measure

at the landscape scale.

In addition, infiltration measurements are typically con-

ducted at measurement scales in the range of 0.2–1.0 m. This

is relevant for irrigation purposes, especially for micro-irri-

gation applications. Yet, infiltration information is often nee-

ded for much larger spatial scales, at the pedon scale, hillslope

scale, and watershed scale. Very little work has been done re-

lating infiltration process to measurement or support scale.

Exceptions are the studies by Sisson and Wierenga (1981) and

Haws et al. (2004), who measured steady-state infiltration at

three spatial scales, ranging from 5 to 127- cm-diameter

infiltrometer rings. Their results showed that much of the

larger-scale infiltration occurs through smaller-scale regions,

and that the spatial variability of infiltration decreased as the

measurement scale increased. Thus, in general, we find that

the process of infiltration might vary with spatial scale, and

that larger spatial scales are required to estimate representative

infiltration characteristics across a typical landscape.

Many field studies have dealt with the significant areal

heterogeneity of soil hydraulic properties, and particularly that

of the saturated hydraulic conductivity, Ks (Nielsen et al.,

1973). The heterogeneity in Ks is recognized to have a major

effect on unsaturated flow, leading to significant variation in
local infiltration. In general, accounting for areal heterogeneity

leads to shorter ponding times and to a more gradual decrease

of the infiltration flux with time (Smith and Hebbert, 1979;

Sivapalan and Wood, 1986). To characterize spatial variable

infiltration rates, Sharma et al. (1980) measured infiltration

with a double-ring infiltrometer at 26 sites in a 9.6-ha water-

shed. The infiltration data were fitted to the PH infiltration

Equation (17a), and fitting parameters S and A were scaled to

express their spatial variability and to describe the ensemble-

average or composite infiltration curve of the watershed. A

simpler but similar scaling technique for infiltration data was

presented by Hopmans (1989), who measured transient in-

filtration at 50 sites along a 100-m transect. Data were fitted to

both the PH and a modified KO model that includes an

additional constant c as a second term in Equation (23). This

paper showed that spatial variability of infiltration can be

easily described by the probability density function of a single

scaling parameter, to be used for applications in Monte Carlo

simulation of watershed hydrology, as suggested for the first

time by Peck et al. (1977). For application at the field scale, the

so-called one-point method was presented by Shepard et al.

(1993) to estimate furrow-average infiltration parameters of

PH Equation (17a), across a furrow-irrigated agricultural field.

They used the volume-balance principle from furrow advance

time across the field, water inflow rate, and flow area

measurements.

For modeling surface hydrology, by subtracting the infil-

tration rate, i(t), from the rainfall rate, r(t), it is possible to

estimate spatial and temporal distributions of rainfall excess

or runoff. The influence of spatial heterogeneity in rainfall and

soil variability on runoff production was studied by Sivapalan

and Wood (1986) from an analytical solution of infiltration

and making use of the IDA approximation. Statistical char-

acteristics of ponding time and infiltration rate were presented

for two cases, one with a spatially variable soil with a log-

normal Ks distribution and uniform rainfall, and the other for

a homogeneous soil with spatially variable rainfall. Among

the various results, this study concluded that the ensemble

infiltration approach is biased for spatially variable soils. Their

results also showed that the cumulative distribution of

ponding times or proportion of ponded area is an excellent

way of analyzing mean areal infiltration. Moreover, the spatial

correction of infiltration rate is time dependent and varies

depending on the correlation lengths of rainfall and soil Ks.

This study neglected the effects of surface water run-on, as

caused by accumulated water upstream, running on to

neighboring areas, thereby contributing locally to infiltration.

A quantitative analysis of soil variability effects on watershed

hydraulic response that included surface water interactions,

such as run-on, was presented by Smith and Hebbert (1979),

through analysis of the effects of deterministic changes of in-

filtration properties in the direction of surface water flow,

using a kinematic watershed model. In a subsequent study by

Woolhiser et al. (1996), it was clearly demonstrated that

runoff hydrographs along a hillslope are significantly affected

by spatial trends in the soil’s saturated hydraulic conductivity.

We expect that important new information can be collected

by linking this interactive modeling approach with remote

sensing and geographical information system (GIS) tools.

A detailed analysis and review of the control of spatially
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variable hydrologic properties on overland flow are presented

by Govindaraju et al. (2007).

Yet another concern regarding nonideal infiltration, caus-

ing spatially variable infiltration at small spatial scales, comes

from the presence of water-repellent or hydrophobic soils.

Since the 1980s much new research and findings have been

presented, improving the understanding of the underlying

physical processes and its relevance to soil water flow and

water infiltration (DeBano, 2000; Wang et al., 2000). Infil-

tration may be controlled by soil surface crust-forming dy-

namics, which is another complex phenomenon dominated

by a wide variety of factors involving soil properties, rainfall

characteristics, and local water flow conditions. Two types of

rainfall-induced soil seals can be identified: (1) structural seals

that are directly related to rainfall through the impact of

raindrops and sudden wetting and (2) depositional or sedi-

mentary seals that are indirectly related to rainfall as it results

from the settling of fine particles carried in suspension by

runoff in soil depressions. A recent review on concepts and

modeling of rainfall-induced soil surface sealing was pre-

sented by Assouline (2004).
2.05.6 Summary and Conclusions

Although important and seemingly simple, infiltration is a

complicated process that is a function of many different soil

properties, rainfall, land use, and vegetation characteristics. In

addition to rainfall intensity and duration as well as the soil

physical factors, such as soil water retention and hydraulic

conductivity, infiltration is controlled by the initial water

content, surface sealing and crusting, hydrophobicity, soil

layering, and the ionic composition of the infiltrated water.

Many relatively simple infiltration equations have been pro-

posed historically, and are successfully used to characterize

infiltration. Other physically based analytical solutions have

been presented that can potentially be used to predict infil-

tration. However, in practice, this is difficult as soil physical

characteristics near the soil surface show naturally high soil

spatial variability and are often time dependent because of soil

structural changes. Alternatively, infiltration is often measured

to estimate the relevant soil hydraulic parameters from the

fitting of the infiltration data to a specific infiltration model by

inverse modeling, such as by using permeameters.

Whereas most infiltration measurement techniques and

infiltration models apply to relatively small spatial scales, in-

filtration information is often needed at the watershed and

hillslope scales. Yet, it has been shown that much of the larger-

scale infiltration occurs through smaller-scale regions, for ex-

ample, because infiltration is largely controlled by spatial

variations of the soil’s physical characteristics at the land

surface, vegetation cover, and topography. In general, we ex-

pect that the process of infiltration varies with spatial scale,

and that measurements at larger spatial scales are needed to

estimate representative infiltration characteristics across hill-

slope and larger spatial scales. For that purpose, improved

solutions to infiltration across scales from the field to basin

scale are needed, such as may become available using rapidly

developing techniques including remote sensing, GIS, and

new measurement devices.
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